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a b s t r a c t
Chemical interactions between metal and silicates at the core-mantle boundary (CMB) are now thought
to lead to transfer of oxygen into Earth’s liquid core. Establishing the nature and extent of this transfer is
important for constraining the conditions under which the core formed, the origin of a stably stratiﬁed
region below the CMB and the possible precipitation of oxides within the core. Previous models of FeO
transfer have considered a solid mantle; however, several lines of evidence suggest that the lowermost
mantle could have remained above its solidus long after core formation was complete, which would
allow much faster mass transfer. We investigate this scenario by developing a time-dependent model of
FeO exchange between a diffusive stratiﬁed layer at the top of the core and a long-lived molten magma
ocean. Core FeO concentration, c̄ cF e O , is evolved subject to a time-dependent mass ﬂux at the CMB, radius
m
rcmb , which depends on the FeO concentration at the bottom (c̄m
F e O (r cmb )) and top (c̄ F e O (r bulk )) of the
chemical boundary layer above the CMB. Coupled core-magma ocean evolution arises because c̄m
F e O (r cmb )
m
and c̄ cF e O (rcmb ) are linked through the partition coeﬃcient P = c̄ cF e O (rcmb )/c̄m
F e O (r cmb ). c̄ F e O (r bulk ) is held
constant in No Crystallization (NC) models and evolves in Middle-Out Crystallization (MOC) models
according to the basal magma ocean model of Labrosse et al. (2007), generalised to account for FeO
loss to the core. In the ﬁrst 1 Gyr, FeO transfer in all models with ≥ 10% FeO in the magma ocean and
P ≥ 5 produces pure FeO compositions at the CMB, stably stratiﬁed layers of 60 − 80 km and accounts
for 15 − 50% of the total present-day core oxygen content. In NC models the magma ocean does not
completely freeze in 4 Gyr, in which time the stable layer reaches 120 − 150 km and FeO transfer can
account for all of the present-day O in the core. However, in MOC models FeO loss to the core causes
the magma ocean to completely freeze in the ﬁrst 1-3 Gyrs following core formation. Our results suggest
that the present-day core composition may not provide a strong constraint on models of core formation
and that FeO could have precipitated at the top of the core.
© 2020 The Authors. Published by Elsevier B.V. This is an open access article under the CC BY license
(http://creativecommons.org/licenses/by/4.0/).

1. Introduction
The manner in which elements partition between silicates and
metals at high pressure and temperature is critical for determining the structure, dynamics and evolution of the terrestrial planets.
Equilibrium conditions during differentiation of these bodies some
4.5 billion years ago set the initial core and mantle compositions
(Rubie et al., 2015), dictating their melting/freezing properties
and phase relationships. The composition-dependent conditions in
planetary cores that lead to the creation of solids are particularly
important for the maintenance of global magnetic ﬁelds because
freezing releases latent heat while partitioning of lighter elements
into the liquid phase releases gravitational energy (Nimmo, 2015;
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Breuer and Moore, 2015). In Earth’s core, the focus of this work,
the release of light elements due to the ongoing growth of the
solid inner core is the main power source for the present magnetic
ﬁeld (Braginsky, 1963), while additional power could also come
from precipitation of solid phases such as MgO (O’Rourke and
Stevenson, 2016; Badro et al., 2016) or SiO2 (Hirose et al., 2017)
near the top of the core. Long-term exchange of elements between
the core and a solid (Buffett and Seagle, 2010; Davies et al., 2018)
or liquid (Labrosse et al., 2007; Brodholt and Badro, 2017) mantle
could create a stably stratiﬁed layer below the core-mantle boundary (CMB), which suppresses radial motion and enables distinct
classes of wave motions (Braginsky, 1993; Buffett, 2014).
Mass exchange between Earth’s core and mantle depends on
the nature of the light elements and the physical conditions at the
CMB. In this paper we focus on oxygen, transferred as FeO (Frost
et al., 2010; Pozzo et al., 2019), which is of particular interest for
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several reasons. First, oxygen partitions strongly into liquid iron
at the high pressures near Earth’s centre (Alfè et al., 2002; Badro
et al., 2014) and is therefore the prime candidate to explain the
seismically-determined density drop between the solid inner core
and liquid outer core (Masters and Gubbins, 2003), which cannot
be accounted for by a phase change alone. Second, debate surrounding the possible precipitation of oxides below the CMB and
their role in magnetic ﬁeld generation (O’Rourke and Stevenson,
2016; Badro et al., 2016; Hirose et al., 2017; Du et al., 2017; Badro
et al., 2018) rests heavily on the abundance of oxygen near the top
of the core. Third, the presence of oxygen appears to be important
for explaining a stratiﬁed layer characterised by low velocity (Helffrich and Kaneshima, 2010) and low density at the top of the core
(Brodholt and Badro, 2017).
The standard model of Earth’s long-term evolution assumes
that the mantle froze from the bottom up during planetary differentiation (Rubie et al., 2015). In this case, little O is transferred
across the CMB because mass transfer is limited by diffusion
through the lower mantle chemical boundary layer, which is negligibly small in a solid (Davies et al., 2018). However, it is possible
that the lower mantle did not completely solidify until much later
in Earth’s evolution, allowing faster mass transfer (Brodholt and
Badro, 2017). This scenario is supported by the high power requirements determined by core evolution models for sustaining
the geomagnetic ﬁeld over the last 3.5 Gyrs (Nimmo, 2015; Davies,
2015). With high values of the thermal conductivity (de Koker
et al., 2012; Pozzo et al., 2012; Gomi et al., 2013), core evolution models yield temperatures at 3.5 Ga of at least 4500 K and
generally above 5000 K (Davies et al., 2015), which is far above estimates of 3500 − 4200 K for the lower mantle solidus (Labrosse
et al., 2015). These models predict supersolidus temperatures until the last 0.5-1.0 Ga (Nimmo, 2015; Davies et al., 2015). Evolution
models based on low thermal conductivity values (Konôpková et
al., 2016; Xu et al., 2018) or models that incorporate precipitation
of MgO or SiO2 at the top of the core still predict supersolidus
temperatures for the ﬁrst ∼1-3 Gyr (Nimmo et al., 2004; O’Rourke
et al., 2017) after core formation. All of these models predict that
the inner core formed less than ∼1.5 Gyrs ago: therefore FeO exchange between a fully molten core and a partially molten lower
mantle may have occurred over a signiﬁcant fraction of Earth’s
history.
Partitioning of FeO between liquid iron and a silicate Fe-O-Si
liquid at pressures of 125 GPa and temperature T = 5000 − 6000 K
has recently been investigated by Pozzo et al. (2019) using molecular dynamics simulations. Pozzo et al. (2019) found that oxygen partitions into liquid iron and obtained partition coeﬃcients
P = c̄ cO /c̄m
F e = 11.2 at 5000 K reducing to P = 6.6 at 6000 K. Here
c̄ cO and c̄m
F e are respectively the molar concentrations of oxygen
in liquid metal and iron in the silicate. These values are slightly
higher than those reported in Fischer et al. (2015) and Chidester
et al. (2017) at similar temperatures and lower pressures, but are
consistent with the available high-temperature experimental data
based on the scatter in the dataset observed at lower T . Additionally, Pozzo et al. (2019) found that the chemical reaction is
exothermic and hence reduces the CMB heat ﬂow that drives core
convection.
In this work we will use the range of P values obtained by
high pressure-temperature calculations (Pozzo et al., 2019) and experiments (Fischer et al., 2015) to study the long-term partitioning
of oxygen into Earth’s core from a partially molten magma ocean.
Buffett and Seagle (2010) used the data of Frost et al. (2010) for
partitioning of FeO between liquid iron and ferropericlase to model
the evolution of a chemically stable layer at the top of the core
subject to an imposed concentration at the CMB. Here, like Buffett and Seagle (2010), we consider a layer enriched in oxygen at
the top of the core that grows downwards by diffusion. Addition-

Fig. 1. Illustration of the model setup in this paper. The chemical boundary layer
at the base of the magma ocean is situated directly above the CMB, radius rcmb ,
√
and is of thickness rbulk − rcmb = δc = 2 D m tres where D m is the mass diffusion
coeﬃcient and tres is the time that a ﬂuid parcel enriched in FeO spends in direct
contact with the CMB. Flux of FeO from the magma ocean enriches the top of the
core in FeO, creating a stably stratiﬁed region of thickness rcmb − rs that grows with
time t. Here rs is the base of the layer shown by a dashed red line. Schematic
proﬁles of the FeO concentration through both boundary layers are shown by black
lines. The molar concentration of FeO on the core and magma ocean sides of the
CMB are related by the partition coeﬃcient P =

c̄ cF e O (rcmb )
c̄m
F e O (r cmb )

=

c̄ cO (rcmb )
.
c̄m
F e (r cmb )

The core and

magma ocean FeO concentrations far from the CMB are assumed to be well-mixed.
(For interpretation of the colours in the ﬁgure(s), the reader is referred to the web
version of this article.)

ally, we calculate the time-evolution of FeO concentration in the
chemical boundary layer at the base of the molten mantle, which
is coupled to the chemical evolution of the core through P .
We use a simple model to represent the chemical boundary
layer at the base of the mantle by its thickness, the FeO concentration at the CMB as determined from P , and the bulk FeO composition of the magma ocean, which is modelled in two different ways.
First, we consider an idealised scenario where the magma ocean is
well-mixed with a bulk FeO concentration that does not depend
on time, which allows us to focus on the evolution of the core.
Solutions are computed over the 4 Gyr following core formation,
which effectively assumes that the magma ocean does not freeze,
for example if the temperature at the top of the core exceeded the
lower mantle solidus over this time period. As such we refer to this
as the “No Crystallisation” (NC) scenario. Second, Middle-Out Crystallization (MOC) models consider crystallization of the primitive
mantle from the middle outwards. In this case the surface magma
ocean rapidly solidiﬁes, while the basal magma ocean (BMO) above
the CMB can potentially survive until the present day (Labrosse
et al., 2007). The evolution of the temperature and bulk FeO concentration as the BMO shrinks is determined by solving coupled
equations determining conservation of energy and mass.
This paper is organised as follows. In section 2 we describe our
model of coupled core-mantle FeO evolution. We determine the
time-dependent FeO concentration at the top of the core and base
of the magma ocean, the properties of the stable layer at the CMB,
and the heat that is released by the exothermic reaction. The variation of these outputs as a function of model input parameters is
discussed in section 3. Discussion is presented in section 4 and
conclusions in section 5.
2. Methods
The model describing the simultaneous evolution of the core
and magma ocean (MO) is shown schematically in Fig. 1. It is assumed that rapid convective ﬂuctuations have been averaged out
such that the equations describe the slow compositional evolution
of the system (an analogous approach is used in thermal evolution models, see Gubbins et al., 2003; Nimmo, 2015). As such, all
quantities are represented as functions of radius r and time t; lateral variations in composition are assumed to average out. The core
and MO are assumed to be mixtures of Fe-Si-O and SiO2 -MgO-FeO
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Table 1
List of parameters used in the calculations. The upper section lists parameters used in both NC
and MOC models, while the lower section lists parameters that are only required to calculate the
compositional evolution of the magma ocean (MO) in MOC models and are all taken from Labrosse
et al. (2007). Superscripts in column 4 denote the source used for the quoted parameter values:
a = Pozzo et al. (2019); b = Pozzo et al. (2013); c = Dziewonski and Anderson (1981); d = Davies
et al. (2015); e = Gubbins et al. (2003).
Name

Units

Value

Reference

c̄ cO
c̄ cSi
c̄m
FeO
P
Dc
Dm

–
–
–
–
m2 s−1
m2 s−1
kg m−3
kg m−3
yrs
ev f.u−1
K km−1
K−1

0.05,0.13
0.08
0.02-0.2
1-10
5 × 10−9
1 × 10−9 –D c
9900
5500
O (102 − 103 )
-2.5
0.1-1
10−5
1.1

Initial mole fraction of O (core)
Initial mole fraction of Si (core)
Initial mole fraction of FeO (MO)
Partition coeﬃcienta
Core O diffusivityb
MO O diffusivity
Core densityc
MO densityc
Time FeO-enriched material remains at the CMB
Heat of reaction coeﬃcienta
Superadiabatic gradientd
Core thermal expansion coeﬃciente
Core O expansion coeﬃcientd

W m−1 K−1
km
J kg−1 K−1
J kg−1 K−1
J kg−1 K−1
K

8
100
1000
860
300
-2000

Thermal conductivity
Upper thermal boundary layer thickness
MO speciﬁc heat capacity
Core speciﬁc heat capacity
Entropy change on freezing
Liquidus depression due to FeO enrichment

ρc
ρm
tres
R F e O 
dT /dr

αT
αc
k

δT
Cb
Cc
S
T L

respectively. We restrict attention to exchange of FeO; adding MgO
and SiO2 to the model we develop is straightforward, but is not
warranted at this stage. To obtain a self-consistent description of
FeO exchange requires two boundary conditions at the CMB, radius
rcmb , one on the FeO concentration and another on the FeO mass
ﬂux i F e O . Assuming that the CMB does not move with time together with the fact that there are no point sources of mass (Loper
and Roberts, 1980) requires

i cF e O (rcmb ) = im
F e O (r cmb ),

(1)

where superscripts c and m denote quantities evaluated on the
core and mantle sides of the CMB respectively.
In contrast to the ﬂux, the FeO concentration at the CMB does
not have to be continuous. At chemical equilibrium the molar concentrations of FeO on each side of the CMB (denoted by overbars
to distinguish from mass fractions) are determined by the partition
coeﬃcient P as

P=

c̄ cF e O (rcmb )
c̄m
F e O (r cmb )

=

c̄ cO (rcmb )
c̄m
F e (r cmb )

.

(2)

Here the second equality arises because the concentration of FeO
in the core is entirely determined by the amount of oxygen, while
in the MO it is determined by the amount of Fe.
To deﬁne a well-posed problem we assume that the core sets
c̄ cF e O (rcmb ) while the MO sets i F e O . The ﬂux is then proportional to
the FeO gradient in the MO, which itself depends on the variation
of c̄m
F e O across the chemical boundary layer at the base of the MO.
The FeO concentration at the base of the MO, c̄m
F e O (r cmb ), is set
by c̄ cF e O (rcmb ) through equation (2), while the FeO concentration
at the top of the chemical boundary layer, radius rbulk , which we
take to be the bulk FeO composition of the MO c̄m
F e O (r bulk ), is set
by the thermal evolution of the MO. In NC models c̄m
F e O (r bulk ) is
ﬁxed in time and so i F e O can be calculated from the evolution
of c̄ cF e O (rcmb ) as described in section 2.1 below. In MOC models
c̄m
F e O (r bulk ) varies as the BMO evolves in time. This calculation is
described in section 2.2. These feedbacks mean that the boundary
conditions given by equation (1) and (2) vary with time.
FeO dissolution is accompanied by heat release at the CMB,
which affects the core energy budget and the operation of the geodynamo. The reaction is exothermic because the heat of reaction

coeﬃcient is negative,  R F e O  = R cF e O − R m
F e O < 0, in contrast to
the positive values of  R F e O  that arise for FeO partitioning between liquid metal and ferropericlase (Davies et al., 2018). Here
R F e O = μ − T (∂ μ/∂ T ) P , T , where μ is the chemical potential, and
we use the value  R F e O  = −2.5 ev per formula unit of FeO as obtained by Pozzo et al. (2019). The reaction does not directly alter
the power available to the geodynamo because heat input and output occur at the same radius, but does so indirectly by changing
the CMB heat ﬂow. In the Appendix we show that the heat Q m
extracted across the lower mantle thermal boundary layer is related to the heat Q c driving core convection by Q c = Q m + Q h =
2
 R F e O  |i F e O |. Since  R F e O  < 0, Q h < 0 and the reQ m + 4π rcmb
action decreases Q c for a given Q m , which in turn lowers the core
cooling rate and decreases the power available to the geodynamo
(Nimmo, 2015). Evaluating Q h is straightforward once the FeO ﬂux
is determined.
2.1. NC models: FeO evolution at the top of the core
The mass fraction of O in the core, c cO , satisﬁes the differential
equation



∂ c cO
∂ cc
Dc ∂
= D c ∇ 2 c cO = 2
r2 O ,
∂t
∂r
r ∂r

(3)

subject to the CMB boundary condition given by Fick’s law of mass
diffusion:


∂ c cO 
iO
=− c c.
∂ r rcmb
ρ D

(4)

Here r is radius, i O = i F e O A O / A F e O is the normal component of
the mass ﬂux of oxygen (deﬁned negative when the ﬂux is into
the core), A F e O = A O + A F e , and D c is the mass diffusion coeﬃcient of O in liquid iron (parameters and their values are listed in
Table 1). The atomic weights of oxygen, A O , and iron, A F e , convert
the FeO ﬂux into an O ﬂux. Equation (4) omits the barodiffusive
contribution to i O (Gubbins and Davies, 2013), which we expect
to be small in comparison to the FeO ﬂux from the MO. This is
veriﬁed by our results.
We assume that i O is determined by diffusion in the MO
overlying the core. Even if the magma ocean convects vigorously
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(Labrosse et al., 2007, 2015), chemical exchange is still accomplished by diffusion through a thin boundary layer since the large
density jump at the CMB signiﬁcantly hinders vertical motion. It
is possible that rapid instability of the chemical boundary layer
could control i O ; however, this mechanism relies on poorly known
quantities such as the lengthscale of the instability and viscosity contrast between depleted and enriched layers (Ribe, 1998). In
practice the strength of both mechanisms is related to the time
tres that a ﬂuid parcel enriched in FeO spends in direct contact
with the CMB, which we vary within reasonable limits. Assuming
that the FeO gradient in the chemical boundary layer at the base
of the MO can be approximated by a linear variation, the FeO ﬂux
into the core can be written
m m
im
F e O = −ρ D

∂ cm
cm (rcmb ) − cm
FeO
F e O (r bulk )
≈ ρm Dm F e O
,
∂r
δc

(5)

where δc is the thickness of the chemical boundary layer at the
base of the MO. Equations (1), (4) and (5) imply that


∂ c cO 
im
AO
ρ m D m cmFe O (rcmb ) − cmFe O (rbulk )
FeO
=
−
≈
.
∂ r rcmb
ρc Dc A F e O
ρc Dc
δc
(6)

∂ c cO /∂ r

Equation (6) is used to evaluate
in terms of δc ,
m
cm
(
r
)
and
c
(
r
)
.
The
chemical
boundary
layer thickness
cmb
bulk
FeO
FeO
√
is estimated as δc = rbulk − rcmb ≈ 2 D m tres , where D m is the mass
diffusion coeﬃcient. The mass fraction of FeO at the base of the
MO, cm
F e O (r cmb ), is determined from equation (2) using the value
of P . To relate mole fractions, which arise in the deﬁnition of P
and are denoted by overbars, to the mass fractions that are used
in equations (3) and (6) we use

c cO =

c̄ cO A O
(c̄ cO

A O + c̄ cSi A Si

(7)

+ (1 − c̄ cO − c̄ cSi ) A F e )

in the core and

cm
FeO =

(c̄m
FeO

c̄m
FeO AFeO
m
A F e O + c̄ Si O A Si O 2
2

(8)

+ A M g O c̄m
MgO )

in the MO. Here A M g O = A O + A M g and A Si O 2 = A Si + 2 A O . Since
we are focusing on FeO exchange the molar fractions of SiO2 , c̄m
,
Si O 2
and MgO, c̄m
M g O , do not change through partitioning but are instead
m
m
set such that c̄m
= (1 − x)(1 − c̄m
F e O ) and c̄ M g O = x(1 − c̄ F e O ),
Si O 2
m
where x determines the fractions of c̄m
and
c̄
.
The
mass
Mg O
Si O 2
fractions obtained from equation (8) using the end-member values x = 0 and x = 1 differ by at most a factor of 1.5, which arises
when c̄m
F e O = 0. However, the value of x is actually unimportant
since it is the FeO concentration difference between the CMB and
bulk MO rather than the individual concentrations that are relevant
for evaluating the model equations (see equation (6)). We therefore
choose x = 1 without any loss of generality.
2.2. MOC models: determination of the bulk magma ocean
concentration
cm
F e O (r bulk )

In NC models the bulk MO FeO concentration
in
equation (6) is assumed to retain a constant value in time. In MOC
models it is determined by the global energy and mass balances
governing the slow evolution of the MO. For this calculation the
basic setup and all parameter values are taken from Labrosse et
al. (2007). Here we generalise the mass balance used in Labrosse
et al. (2007) to account for loss of FeO from the MO to the core,
which affects the growth and cooling rate of the magma ocean.
The global energy equation balances the heat Q bmo extracted
from the BMO against the secular cooling Q s , radiogenic heating

Q r , latent heat Q L released on freezing, and the heat Q m entering
the BMO from below and can be written (Labrosse et al., 2007)

4π a 2 k



TL − TM



δT

dT L

dT L

= −Mm C m
−M c C c
dt  


 dt 

Qs

Q bmo

Qm

da

+ H (t ) −4π a2 ρ m  S T L ,
dt

 
Qr

(9)

QL

where a is the upper radius of the BMO, T L is the BMO liquidus
temperature, T M is the temperature of the solid mantle (assumed
constant), k is the BMO thermal conductivity, δ T is the thickness
of the thermal boundary layer at the top of the BMO (assumed
constant), C m and C c are the BMO and core speciﬁc heat capaci3
)/3 and M c their respective masses.
ties and M m = 4πρ m (a3 − rcmb
H (t ) is the rate of radiogenic heat production and  S is the entropy change on freezing. Equation (9) is solved for the cooling rate
dT L /dt by relating it to the freezing rate of the MO, da/dt.
Equation (9) presents a somewhat simpliﬁed view of thermal
coupling between the core and MO because the form of Q m assumes that the cooling rates of the core and BMO are equal (to
dT L /dt ) and independent of radius. In actual fact Q m is determined by the properties of the thermal boundary layer at the base
of the MO, usually in the same fashion as the estimate of Q bmo
in equation (9) and i F e O in section 2.1, and so the cooling rates
vary with depth. The assumed form of Q m in equation (9) allows
the evolution of the MO to be determined without calculating the
thermal evolution of the core. However, this presents a problem
when accounting for the heat Q h released by the exothermic reaction because Q h does not appear directly in the global energy
balance; instead, its effect is to change the core cooling rate and
hence the core temperature. This can be seen by noting that, prior
to inner core formation, Q m = Q c − Q h = ρ C c (dT /dt )dV c , where
V c is the core volume. The core cooling rate dT /dt must equal the
BMO cooling rate at the CMB (for continuity of temperature) but
will not generally equal the cooling rate of the bulk BMO. The resolution to this apparent contradiction is that the core must respond
to an imposed Q m by changing the CMB temperature, which acts
to modify Q m , thus requiring a calculation of the coupled thermal
evolution of core and mantle (viz Nimmo et al., 2004; Nakagawa
and Tackley, 2014; Driscoll and Bercovici, 2014). Nevertheless, despite the simpliﬁed form of equation (9) we continue to use it as
this enables the effect of FeO transfer to the core to be understood
within the context of an established model.
To relate dT L /dt and da/dt we begin with mass conservation of
FeO, which can be written
s
c
m
s
c
d cm
FeO M + cFeO M + cFeO M

dt

= 0,

(10)

where M s and c sF e O are the mass and FeO mass fraction of the
solid mantle. Noting that the total mass M tot = M m (t ) + M s (t ) +
M c (t ) is independent of time, equation (10) becomes

Mm

dcm
FeO
dt

= c

dM s
dt

+ cm
FeO

dM c
dt

− Ms

dc sF e O
dt

−

d(c cF e O M c )
dt

,
(11)

s
where c = cm
F e O − c F e O is the enrichment of melt in FeO relative
to the solid. Following Labrosse et al. (2007) we neglect the term
M s (dc sF e O /dt ), which is appropriate since concentration variations
in the solid mantle are expected to be slow (Davies et al., 2018),
and write dM s /dt = −4π a2 ρ s da/dt, which assumes that changes
in the solid mantle arise solely from growth of the BMO. With
these approximations and assuming ρ s = ρ m we obtain
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dcm
FeO

=−

dt

3a2 c

da

3
(a3 − rcmb
)

dt

+

c
cm
F e O dM

Mm

dt

−

1 d(c cF e O M c )
Mm

dt

2.3. Implementation and parameter values

. (12)

The ﬁrst two terms in equation (12) describe the mass balance
used by Labrosse et al. (2007), while the ﬁnal two terms on the
right-hand side represent the effect of mass exchange with the
core. To estimate the third term we note that the total core mass
and the total core FeO mass, M cF e O , can be written respectively
as M c = A F e O N F e O + A F e N F e + A Si N Si and M cF e O = A F e O N F e O ,
where N X denotes the number of atoms of element X . In our
model M c changes only through the addition of FeO, in which case
dN F e /dt = dN Si /dt = 0 and therefore dM c /dt = d(c cF e O M c )/dt. The
last two terms in equation (12) can then be combined into the
c
m
c
term −((1 − cm
F e O )/ M )(d(c F e O M )/dt ), which can be calculated
from the equation for conservation of FeO between the core and
MO,



d



ρ

dt

c cF e O dV

=

d c cF e O M c

2
= −4π rcmb
i F e O = −I F e O .

dt

(13)
c cF e O (r )

Here we have assumed that
does not vary across the core,
which we ﬁnd a posteriori to be a good approximation because
the region where c cF e O varies is thin compared to the core. The
ﬁnal mass balance is then

dcm
FeO

=−

dt

3a2 c

da

3
(a3 − rcmb
)

dt

+

2
3rcmb
(1 − cm
F e O )i F e O
3
ρ m (a3 − rcmb
)

(14)

,

which shows that the FeO concentration of the MO increases as
the magma ocean freezes and decreases as FeO is lost to the core
(i.e. if i F e O < 0).
The MO is assumed to be at the liquidus temperature. Though
more complex phase relations exist (e.g. Boukaré et al., 2015) we
consider the simple liquidus relation used by Labrosse et al. (2007),
dcm
F e O /dt = (c L / T L )dT L /dt where  T L = −2000 K is the drop
in the liquidus temperature that arises as the FeO concentration
increases from zero to one (c L = 1). This equation allows the
freezing rate of the MO to be written

da
dt

=−

3
2
(a3 − rcmb
) dT L
rcmb
(1 − cm
F e O )i F e O
+
.
2
m
2
3a c  T L dt
ρ a c

(15)

The ﬁrst term on the right-hand side of equation (15) shows that
the MO shrinks as it cools. The second term shows that FeO transfer to the core can increase the freezing rate of the MO. This can
be understood by setting dcm
F e O /dt = 0 (and hence dT L /dt = 0), in
which case maintaining the same mass fraction of FeO while losing FeO to the core requires the magma ocean to shrink. However,
FeO loss to the core slows down enrichment of the BMO in FeO,
which in turn slows down the cooling rate through the liquidus
relation.
Using equation (15) the latent heat term in equation (9) now
becomes

QL =

3
4πρ m  S T L (a3 − rcmb
) dT L

3c  T L

dt

−

2
4π rcmb
(1 − cm
F e O )i F e O T L  S

c

= Q Lc + Q LF e O .
The cooling rate can then be obtained from equation (9):

dT L
dt

=

2
Q bmo − Q R + 4π rcmb
(1 − cm
F e O )i F e O T L  S /c

(− M c C m − M s C c + Q˜Lc )

,

(16)

2
where Q Lc = Q˜Lc dT L /dt. The term 4π rcmb
(1 − cm
F e O )i F e O T L  S /c
that arises from FeO loss to the core acts with the radiogenic heating to offset heat loss out of the BMO ( Q bmo ) and slow its cooling.

5

,

Equation (3) and the boundary conditions are numerically integrated forward in time for 4 billion years starting 4.5 billion years
before present. The most recent 0.5 Gyrs are omitted to avoid complicating factors due to the formation and growth of the inner core
(Buffett and Seagle, 2010; Nimmo, 2015; Davies, 2015). At each
step c̄ cO (rcmb ) is used to determine c̄m
F e (r cmb ) from P . Together with
c̄m
F e (rbulk ) this sets i O from equation (6), which provides the updated boundary condition on equation (3) and the process repeats.
For practical reasons equation (3) is solved in a ﬁxed 400 km-thick
domain at the top of the core, which is much thicker than the
stable regions that grow in any of our calculations. A zero ﬂux
condition is prescribed at r = 3080 km. Entrainment may erode the
base of the layer, but we expect the inward ﬂux of light element at
the CMB to exceed the outward ﬂux at the base of the layer (Buffett and Seagle, 2010; Gubbins and Davies, 2013) and therefore set
the latter to zero for simplicity.
Parameter values used for both NC and MOC models are listed
in the top section of Table 1. The core is assumed to be initially
well-mixed with c̄ cSi = 0.08 (Davies et al., 2015) and c̄ cO = 0.05
or 0.13, which are chosen in order that the ﬁnal values from
the model are close to matching values of c̄ cO = 0.08 − 0.17 estimated for Earth’s present day core based on the ICB density jump
and core mass (Hirose et al., 2013; Badro et al., 2014; Davies et
al., 2015). Estimates of the initial bulk magma ocean iron content
range between 10-20% (Andrault et al., 2012; Tateno et al., 2014).
To assess the sensitivity of the model to this parameter we consider the wider range c̄m
F e O = 2 − 20%.
We consider a range of P values that span the range of theoretical and experimental determinations at high pressures and
temperatures. The appropriate pressure is 135 GPa, which is almost reached by the simulations of Pozzo et al. (2019); however,
very few experimental studies of partitioning have been conducted
above 80 GPa (see e.g. Fischer et al., 2015; Pozzo et al., 2019) Since
we are interested in early CMB conditions the relevant temperature
is ∼5000 K and at least 4000 K, which is the current CMB temperature (Nimmo, 2015; Davies et al., 2015). Figure 2 of Pozzo et al.
(2019) combines the dataset of oxygen distribution coeﬃcients, K d ,
compiled by Fischer et al. (2015) with some more recent studies
and contains 12 experimental points at temperature greater than
4000 K. All of these data have molar Fe concentrations in the liquid
of ∼0.5 and hence values of P are larger than the corresponding
K d value by about a factor of 2. For these data the lowest value of
K d is 0.64, corresponding to P = 1.24 using the values of c̄ cO in Fischer et al. (2015). The largest values are those obtained by Pozzo
et al. (2019), which give P ∼ 10. We therefore consider the range
1 ≤ P ≤ 10. For illustration we take P as independent of time.
The diffusivity of oxygen in the core is taken from our previous
work (Pozzo et al., 2013) and most calculations assume D m = D c .
A calculation with D m = 5 × 10−9 m2 s−1 and D c = 10−9 m2 s−1
produces values of c̄ cO (rcmb ) after 4 Gyrs that differ by less than
1%. The chemical boundary layer thickness δc depends on both D m
and the residence time tres . Convective velocities of ∼1-10 cm yr−1
in the MO (Solomatov, 2015; Ziegler and Stegman, 2013) suggest
that tres = O (10−2 − 102 ) yrs, but we expect radial ﬂow to be
impeded near the CMB and therefore assume a more conservative range tres = O (102 − 103 ) yrs (in the sense that higher values
of tres reduce i O with all other parameters ﬁxed). Clearly some
of these input parameters are subject to signiﬁcant uncertainties.
Here we do not attempt an exhaustive parameter exploration, but
consider a range of plausible values that demonstrate the physics
of the problem. MOC models employ the parameter values in the
upper and middle sections of Table 1.
The model outputs in all cases are the time-dependent core
oxygen concentration, CMB FeO ﬂux, heat Q h released at the CMB
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c
Fig. 2. Example calculation showing the evolution of the basal magma ocean (BMO) using P = 10 and initial uniform concentrations c̄m
F e O = 0.05 and c̄ O = 0.05. Top shows
BMO temperature (right ordinate), BMO radius (left ordinate, blue-grey) and c̄m
(left
ordinate,
light
grey).
Bottom
shows
contributions
to
the
BMO
energy
budget: the heat
FeO
leaving the BMO Q bmo , radiogenic heating Q r , CMB heat ﬂow Q cmb , latent heat released due to growth of the BMO Q Lc , and FeO loss to the core Q LF e O . Solid (dashed) lines
show BMO evolution without (with) FeO loss to the core.

due to the exothermic reaction and the thickness of the chemically
stable layer at the top of the core. In MOC models we additionally
calculate the time-dependence of T L , a and the individual terms
in the energy balance. The base of the chemically stable layer
is calculated by comparing the stabilising compositional gradient,
obtained as a solution of equation (3), to the destabilising gradients. We set the destabilising gradient equal to α T /αc dT /dr where
dT /dr is the superadiabatic gradient and αc and α T are the compositional and thermal expansion coeﬃcients given in Table 1. The
variation in dT /dr changes the estimated layer thickness by only a
few kilometres.
3. Results
We ﬁrst demonstrate the inﬂuence of FeO loss to the core on
the evolution of the BMO before comparing NC and MOC cases.
Fig. 2 shows an example MOC model evolution both with and
without the effect of FeO transfer to the core. Without FeO loss,
the MO evolution is as shown in Labrosse et al. (2007). The addition of FeO loss slows FeO enrichment of the BMO and reduces
the cooling rate as required to keep the BMO on the liquidus.
The rate at which the BMO shrinks is determined by the competition between cooling and FeO loss (second and third terms in
equation (15)), which can be comparable at early times depending
primarily on the values of P and c̄m
F e O . However, at later times the
term due to FeO loss tends to dominate, which causes the BMO to
shrink faster than in Labrosse et al. (2007). The net effect is that
FeO loss hastens the complete solidiﬁcation of the BMO; in the example in Fig. 2 the mantle is completely solid after 1.7 Gyrs of
evolution with FeO loss, while the BMO lasts until the present day
in its absence.
The early stages of chemical exchange are characterised by
rapid changes in the FeO ﬂux. Fig. 3 illustrates the range of initial behaviour for NC and MOC models. In all models the top of
the core becomes rapidly enriched in O, which produces a sharp
reduction in the FeO ﬂux in the ﬁrst few hundred Myrs followed
by a much slower compositional evolution. In NC models the total ﬂux of FeO at the CMB, I F e O , decreases monotonically over
time because the bulk FeO concentration of the MO is ﬁxed while
the FeO concentration at the base of the MO steadily increases

as more FeO partitions into the core. MOC models exhibit three
broad regimes of behaviour following the initial rapid decline in
I F e O . In the ‘low ﬂux’ regime, FeO enrichment due to fractional
crystallization exceeds FeO loss to the core and I F e O increases
slowly over time, with more O partitioning into the core than in
the corresponding NC model. Models in this regime have [c̄m
FeO =
m
0.05, 0.02; 1 ≤ P ≤ 10], [c̄m
F e O = 0.1; P < 8], [c̄ F e O = 0.15; P < 5],
and [c̄m
F e O = 0.2; P < 3]. In the ‘moderate ﬂux’ regime FeO loss and
gain are in approximate balance and MOC and NC models follow
a similar evolution. In the ‘high ﬂux’ regime, which corresponds
broadly with P = 10 and c̄m
F e O ≥ 0.1 in our suite of runs, FeO loss
exceeds gain and the MO is slowly depleted. In this regime it is
possible for c̄ cO (rcmb ) to decline over time despite the fact that FeO
ﬂux is still into the core. This arises when a large initial CMB ﬂux
sets up a steep chemical gradient at the top of the core: ﬂux of FeO
to the deeper core down this gradient exceeds ﬂux of FeO into the
core during the subsequent evolution as the CMB gradient rapidly
declines.
Fig. 4 shows the long-timescale evolution of the runs in Fig. 3.
In NC models the only timescale in the problem is the√diffusive
timescale and so c̄ cO (rcmb ) increases proportionally to t as ex√
pected. It then follows that i F e O decreases as 1/ t. The total FeO
t
c
ﬂux transferred in time t, M F e O (t ) = 0 i F e O (t )dt , then increases

√

as t as shown
in Fig. 4a. The thickness of the stable region also
√
evolves as t (Fig. 4b) because the inward ﬂux of FeO at the CMB
greatly exceeds the outward ﬂux due to entrainment at the base
of the layer. The evolution of Q h follows that of i F e O (Fig. 4c).
Model behaviour is relatively insensitive to the initial core concentration and so we summarise the results in terms of P and
c
c̄m
F e O (r bulk ). Fig. 5 shows c̄ O at the CMB, the CMB ﬂux of O,
I O = I F e O A O /( A F e O ), the total amount of O that entered the core,
M cO = M cF e O A O /( A F e O ), and the thickness of the stably stratiﬁed
layer at the CMB, rcmb − rs , all evaluated at t = 1 and 4 Gyrs for
all NC models. All quantities increase with P and c̄m
F e O (r bulk ). Early
mass ﬂuxes are generally O (104 − 105 ) kg s−1 , but drop by only a
factor of 2-3 over the subsequent 3 Gyrs (Fig. 5a). The only exceptions are models with c̄m
F e O = 0.02 and P ≤ 2, where I O is weak
and positive, i.e. into the mantle. In the ﬁrst 1 Gyr models with
c̄m
F e O ≥ 0.10 and P ≥ 5 evolve to a CMB composition that is at
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Fig. 3. Initial evolution of the core-magma ocean system. Total ﬂux of FeO across the CMB I F e O (a), and molar concentration of FeO at the top of the core (b) and in the bulk
of the MO (c) as functions of time for the ﬁrst 500 Myrs of evolution. NC models are shown by solid lines and MOC models are shown with dashed lines. Legend lists the
initial MO concentrations; initially c̄ cO = 0.05 in all cases.

Fig. 4. Long-term evolution of the core-magma ocean system for the cases shown in Fig. 3. Time-series showing the cumulative amount of O in the core with present-day
concentrations depicted by the grey band (top), thickness of the chemically stable layer that grows downwards from the CMB (middle) and the total heat released from
dissolution of FeO at the CMB. NC models are shown by solid lines and MOC models are shown with dashed lines. Legend lists the initial MO concentrations; initially
c̄ cO = 0.05 in all cases.

least 50% O (i.e. pure FeO), while the highest values lead to an uppermost core that is almost pure O (Fig. 5b).
Perhaps the most striking result concerns the total transfer of
O into the core (Fig. 5c). If the MO survived for 1 Gyrs then FeO
transfer across the CMB with c̄m
F e O ≥ 0.1 and P ≥ 10 could provide

over a quarter of the core’s present-day oxygen, while the existence of the MO for 4 Gyrs would transfer all of the present core
oxygen. With c̄m
F e O = 0.02 and 0.05 mass transfer is small for all
values of P . Finally, stable layer thicknesses reach 60-70 km after
1 Gyrs and double in the remaining 3 Gyrs (Fig. 5d).
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Fig. 5. Parameter study of NC models. Each panel shows results after 1 Gyr of evolution in dashed lines and 4 Gyrs in solid lines for different values of the bulk FeO
concentration of the MO c̄m
F e O and partition coeﬃcient P . (a) magnitude of the oxygen ﬂux into the core at the CMB, | I O (r cmb )|; (b) molar core oxygen concentration at the
CMB, c̄ cO (rcmb ); (c) total oxygen ﬂux integrated from time zero to 1 Gyrs (dashed) and 4 Gyrs (solid), | I O (rcmb )|dt, where the grey shaded region shows the estimated mass
of O in the present-day core from Davies et al. (2015); (d) thickness of the chemically stable layer below the CMB, rcmb − rs .

Fig. 6. Parameter study of MOC models. Each panel shows results for different initial values of the bulk FeO concentration of the MO c̄m
F e O and partition coeﬃcient P . Dashed
lines show values calculated after 1 Gyr of evolution, while solid lines show values calculated at the time when the magma ocean completely crystallized, which is t f Gyrs
after the start of the run as shown in panel (a). (b) molar core oxygen concentration at the CMB, c̄ cO (rcmb ); (c) total oxygen ﬂux integrated from time zero to 1 Gyrs (dashed)
and 4 Gyrs (solid), | I O (rcmb )|dt, where the grey shaded region shows the estimated mass of O in the present-day core from Davies et al. (2015); (d) thickness of the
chemically stable layer below the CMB, rcmb − rs .

Fig. 6 summarises MOC models in terms of c̄ cO (rcmb ), M cO ,
rcmb − rs and the time t f taken for the magma ocean to completely
crystallize. With FeO loss to the core the BMO does not survive for
4 Gyrs in any of our models; its lifetime decreases from ∼3 Gyrs
for the lowest values of c̄m
F e O and P to less than 1 Gyr for the
highest values of c̄m
F e O and P . After 1 Gyr of evolution (shown as

dashed lines in Figs. 5 and 6) the ‘low ﬂux’ MOC models show
greater FeO transfer to the core than the corresponding NC model,
while the opposite is true for the ‘high ﬂux’ cases (see Fig. 4). The
thickness of the chemically stable layer decreases with P because
there is less time for the stabilising chemical anomalies to diffuse
to greater depths.
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4. Discussion
Our model makes several simplifying assumptions that are worthy of further scrutiny. First, we have only considered FeO exchange even though the magma ocean was likely rich in MgO
and SiO2 . The addition of more elements is straightforward: each
is governed by a diffusion equation that can be solved following the procedures used here, with coupling between the solutions arising from the partition coeﬃcients, which will generally be functions of concentration. Additionally, transfer of each
species X ∈ {FeO, MgO, SiO2 } releases or absorbs an amount of
2
 R X  |i X | depending on whether the associated
heat Q hX = 4π rcmb
reaction is exothermic or endothermic and the total heat of reQ hX could be included in the energy balance usaction Q h =
ing the theory developed here for FeO. However, despite much
progress (e.g. Fischer et al., 2015; Badro et al., 2018; Du et al.,
2017; Pozzo et al., 2019, and references therein) the temperatureand composition-dependence of Mg and Si partitioning between
iron alloys and silicate melts at CMB conditions is still debated and
rather uncertain. In view of this and the fact that the addition of
more elements does not change the basic physics, we believe that
such complications are not warranted at present.
Our treatment of the magma ocean boundary layer is also potentially too simple because it is likely that the residence time tres
of material in the boundary layer will evolve as temperature and
composition conditions change with time. It is also possible that
the boundary layer could become unstable, which could be parameterized as in, e.g., Ribe (1998), at the expense of introducing more
uncertain model inputs. Such complexities would require detailed
theoretical or computational investigation that could be the topic
of future study.
We have considered two scenarios for the bulk evolution of
the magma ocean, which each have beneﬁts and drawbacks. In
the idealised scenario of No Crystallization the bulk magma ocean
composition was assumed to be constant in time and hence the
FeO ﬂux evolves only through the changing core FeO composition.
NC models are straightforward to interpret and provide important
context for the more complicated MOC cases, but are overly simpliﬁed. Middle-Out Crystallization (MOC) models generalise the basal
magma ocean model of Labrosse et al. (2007) to account for FeO
exchange with the core. As explained in section 2.2, this model
does not represent the thermal boundary layer at the base of the
mantle, which simpliﬁes the calculation by tying together the core
and mantle thermal evolution, but means that the heat released
at the CMB by the exothermic reaction cannot be readily included
in a self-consistent manner. Since a primary motivation for using
the Labrosse et al. (2007) model is to compare results to existing
solutions, we did not pursue more complex options, though this
should be an avenue of future work. Another useful generalisation
of the MOC model would be to include pressure dependence and
allow the layer to deviate from the liquidus (Blanc et al., 2020).
In MOC models without FeO loss to the core the basal magma
ocean can persist until the present day (Labrosse et al., 2007, and
Fig. 2). This result has previously led to the suggestion that the
BMO is related to the presence of Ultra-Low Velocity Zones at the
base of Earth’s present-day mantle (Labrosse et al., 2007, 2015),
though recent work shows that the BMO can crystallize before the
present day under certain conditions (Blanc et al., 2020). The addition of FeO loss causes the lifetime of the basal magma ocean to
decrease from 3 Gyrs to 1 Gyr across the ranges 2 ≤ P ≤ 10 and
0.02 ≤ c̄m
F e O ≤ 0.2 considered here (Fig. 6a). However, while we
have not obtained any MOC models with magma oceans that survive to the present-day, this does not indicate that such solutions
do not exist because there are several parameters characterising
the BMO thermal evolution that we have not varied. The assumptions described above will also inﬂuence the BMO evolution. Nev-
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ertheless, it seems reasonable to conclude that the addition of FeO
loss to the core reduces the lifetime of the BMO.
MOC models with P = 10 and an initial bulk FeO concentration
of 10% become gradually depleted in FeO over time (e.g. Fig. 3),
raising the possibility that the BMO could become lighter than the
overlying solid mantle. Such a scenario would presumably induce
a rapid overturn of the whole system, thereby shortening the lifetime of the BMO compared to the estimates above. However, we
cannot quantitatively assess this possibility because the composition of the solid mantle is not explicitly calculated in the Labrosse
et al. (2007) model. Such a treatment would involve coupling the
thermal evolution of the BMO to a model of the solid mantle,
which is beyond the scope of the present study.
In both MOC and NC models there is substantial mass transfer
across the CMB (Figs. 5 and 6), with ﬂuxes much larger than values for the solid mantle (Buffett and Seagle, 2010; Davies et al.,
2018) or the ﬂux of light element down the core pressure gradient
(Gubbins and Davies, 2013). This contrasts with the conventional
picture that the core’s light element inventory was set entirely during its formation (Rubie et al., 2015) and suggests that the present
core O concentration may not provide a strong constraint for core
formation models.
FeO transfers from the mantle to the core at all times in all
NC models with c̄m
F e O ≥ 0.2 and P > 2. In MOC models FeO transfers to the core for all parameter combinations we have tested.
MOC models with c̄m
F e O = 0.2 and P ≤ 2 show FeO transfer to
the mantle during the ﬁrst few hundred million years; however,
estimated bulk magma ocean iron compositions of 10-20% (Andrault et al., 2012; Tateno et al., 2014) suggest that this scenario
is unlikely to apply to Earth. The long timescale behaviour may
be inﬂuenced by our assumption that P remains constant in time
and hence does not vary with temperature T or liquid oxygen concentration c̄ cO . Thermal history models suggest a CMB temperature
drop of over 1000 K over the last 4.5 Gyrs (Nimmo, 2015; Davies,
2015), while the chemical models in this paper show that c̄ cO at
the CMB increases signiﬁcantly with time. There is general agreement that P decreases with decreasing T (e.g. Fischer et al., 2015;
Pozzo et al., 2019); however, the dependence of P on composition
is much harder to constrain. Davies et al. (2018) found that the
partition coeﬃcient between liquid iron and ferropericlase at CMB
conditions increases with c̄ cO , which is consistent with the work of
Fischer et al. (2015). Therefore the values of P used in this work
(Pozzo et al., 2019), which were calculated at liquid oxygen concentrations of 5 mol%, are expected to decrease over time due to
the falling temperature and increase over time due to rising liquid
oxygen concentration; the effects will partly cancel. It is presently
hard to estimate the degree of cancellation as there is still no
clear picture of the temperature- and composition-dependence of
P at CMB conditions. We therefore believe that adopting a timeindependent P is a reasonable ﬁrst approximation and that the
long-time behaviour of our model is plausible.
If FeO were to transfer from the core to the mantle the dynamics may differ from those studied in this paper. FeO lost from
the core would increase the density and stability of material at the
base of the magma ocean, but would leave anomalously dense material at the top of the core. This material would be free to sink and
thus the dynamics at the top of the core would not be purely diffusive as assumed here. The motion induced by sinking material
should depend on whether the environment were stably stratiﬁed (e.g. due to a preceding episode of FeO transfer into the core)
or neutrally buoyant (e.g. if the core were vigorously convecting
throughout). The transition between these two distinct dynamical scenarios depends not just on P but on the properties of the
chemical boundary layers above and below the CMB (in our simple
model the key parameters are the bulk core and MO compositions,
c̄ cO and c̄m
F e O respectively) and would be most likely to occur for
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c
low values of P and c̄m
F e O and high values of c̄ O , i.e. times long
m
after core formation. Based on values of c̄ F e O = 0.1 − 0.2 we therefore speculate that FeO loss from the core, if it occurred at all,
would arise long after core formation in an already stratiﬁed environment.
Flux of oxygen creates a stabilising compositional gradient at
the top of the core. In NC models that span 4 Gyrs these layers are
120 − 150 km-thick (Fig. 5d), which are thicker than previous estimates (Buffett and Seagle, 2010; Gubbins and Davies, 2013) and
comparable to the estimated thickness proposed to explain periodic decadal ﬂuctuations in the dipole ﬁeld and core zonal ﬂow
(Buffett et al., 2016), though thinner than estimates from some
seismic studies (Helffrich and Kaneshima, 2010; Kaneshima, 2017).
The presence of a thick FeO-stratiﬁed layer is supported by the
study of Brodholt and Badro (2017), who show that partitioning
of FeO from the mantle into an Fe-Si-O core can also account for
the observed slow seismic velocities while maintaining an overall
density stratiﬁcation. Oxygen is transferred across the layer by diffusion, with convection below the chemically stable layer mixing
some light element to greater depths.
Heat released by the exothermic reaction is ≈ −0.1 to −50 TW
in the ﬁrst 1 Gyrs following core formation (Fig. 4). Core evolution models with high core conductivity predict minimum CMB
heat ﬂows of at least ∼20 TW are needed to sustain the early dynamo in the absence of FeO transfer (Nimmo, 2015; Davies et al.,
2015) and so the predicted values of Q h can potentially exceed
the required heat ﬂow on their own. The exothermic reaction together with a stable oxygen-rich layer, which reduces the size of
the convecting region, could signiﬁcantly increase the heat ﬂow
constraints on mantle convection imposed by high core thermal
conductivity. Some mantle models predict that 40 − 50 TW could
be extracted from the core at early times (Nakagawa and Tackley,
2014; Driscoll and Bercovici, 2014), which is perhaps suﬃcient for
sustaining the ﬁeld, but lower heat ﬂows would probably require
additional power sources such as MgO precipitation (O’Rourke and
Stevenson, 2016; Badro et al., 2018).
The saturation solubility of FeO in liquid iron at core conditions
has not been calculated, but is expected to decrease as the core
cools in line with predictions for MgO (O’Rourke and Stevenson,
2016; Badro et al., 2016) and SiO2 (Hirose et al., 2017). The FeO
concentration at the top of the core increases with time in our
model and so it is possible that FeO could precipitate below the
CMB at some stage in the core’s history. However, FeO precipitation
may not release signiﬁcant gravitational energy for powering the
dynamo because the environment is stably stratiﬁed rather than
well-mixed: dense residual ﬂuid might only fall a short distance in
the stable layer before reaching the position of neutral stability.

FeO content of ∼ 10%, around 15-50% of the present day core oxygen content can be transferred across the core-mantle boundary in
the ﬁrst 1 Gyr. FeO loss to the core shortens the lifetime of a basal
magma ocean such that, in all of our calculations, the BMO does
not survive to the present day.
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Appendix A. Heat of reaction at the core-mantle boundary
Core evolution models generally assume that no mass is exchanged between the core and mantle (Nimmo, 2015); this constraint is to be relaxed here. The local energy equation, averaged
over timescales associated with dynamo and convective processes,
is (Gubbins et al., 2003)





∂
u2
u2
P
ρ(E + ) + ∇ · ρ(E +
+ )u + q + ρ u · F = 0, (A.1)
∂t
2
2
ρ
where ρ is density, E is internal energy, u is the velocity, P is
pressure (not to be confused with the partition coeﬃcient used
in the main text), q is the heat ﬂux vector, F represents body
forces acting on the ﬂuid, and radiogenic heating has been omitted.
Following standard procedures (Loper and Roberts, 1980), equation (A.1) is to be integrated over a penny-shaped disc of volume
V straddling the CMB. Assuming that the CMB does not move with
time (i.e. ignoring the slow contraction of the core, which makes
a small contribution to the energy balance (Gubbins et al., 2003))
we have, for some scalar X ,

d
∂X
dV =
∂t
dt

(A.2)

Assuming no surface masses or charges and continuity of stresses
across the CMB gives

 

ρ(E +

5. Conclusions
We have presented a simple 1-dimensional model of FeO transfer between a long-lived magma ocean and the liquid core. The
model extends previous work (Buffett and Seagle, 2010; Gubbins
and Davies, 2013) by coupling the core oxygen concentration to
the FeO ﬂux through the chemical boundary layer at the base of
the mantle. We have demonstrated the model behaviour across a
broad range of physical conditions employing new determinations
of the partitioning of FeO between iron alloys and silicate melts at
core conditions (Pozzo et al., 2019).
Our results (summarised in Figs. 5 and 6) show that the top
of the core is rapidly enriched to a pure FeO composition if the
magma ocean persists for 0.5-1 Gyr after core formation. The stably stratiﬁed region at the top of the core that develops in this
time is around 60-80 km thick and would exceed 100 km after
4 Gyrs of evolution. With the values of the partition coeﬃcient
P ≈ 10 obtained by Pozzo et al. (2019) and a bulk magma ocean

XdV .

u2
2

+

P

ρ


)u + q · dA = 0,

(A.3)

where dA is the area element on the surface of V . Deﬁning n as
the unit vector pointing radially outwards and noting that dA =
nd A on the upper surface and dA = −nd A on the lower surface of
V gives

 

ρ(E +

u2
2

+

P

ρ


)u + q · nd A = 0,

(A.4)

where  X  = X c − X m , i.e. the difference between evaluating X
directly below and above the CMB. Since we do not allow penetration of core ﬂuid into the mantle or vice verse, n · um = n · uc = 0
and continuity at the CMB requires n · q = 0. Here

q = −k∇ T +

μ − (∂ μ/∂ T ) P ,T T i

(A.5)

is the heat ﬂux vector (Loper and Roberts, 1980) where k is the
thermal conductivity, T is temperature, μ is the chemical potential,
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and i is the mass ﬂux vector. Deﬁning R F e O = μ − (∂ μ/∂ T ) P , T T
we have





n · −k∇ T  d A = −

n ·  R F e O i d A .

(A.6)

Deﬁning Q j = −n · k j ∇ T j d A for j = c , m and noting that n · i = 0
on the CMB gives



Qm = Qc −

2
n ·  R F e O  id A = Q c − 4π rcmb
|  R F e O  i|.

(A.7)

The second equality follows because  R F e O  < 0 (recalling that
this is mantle value minus core value) and n · i < 0 (mass ﬂux is
2
into the core). The heat of reaction, Q h = −4π rcmb
|  R F e O  i| is a
heat sink that reduces the heat ﬂowing through the lower mantle
boundary layer compared to the heat ﬂowing out of the core.
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